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[1] Paleosalinity reconstructions are a goal of paleoceanographic study because of
their potential to provide insight into past ocean circulation. While temperature
reconstructions have been assessed by using multiple independent proxies, the skill of
existing salinity reconstructions remains poorly quantified. We examine the applicability
of two different approaches using a set of coupled water isotope–enabled general
circulation model experiments as a numerical analog for the real climate system. These
simulations for the Holocene, at roughly 1000 year time steps, explicitly track variability
in both the water isotopologues and salinity. Our simulations suggest that quantitative
reconstructions of past salinity variability based solely on inferred d18Osw variability have
very large errors and uncertainties. However, we find that paired d18Osw and dD variability
(from combining biomarker and calcite proxies) holds promise for providing better
quantitative estimates of salinity variability.

Citation: LeGrande, A. N., and G. A. Schmidt (2011), Water isotopologues as a quantitative paleosalinity proxy,
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1. Introduction

[2] The reconstruction of paleosalinity has long been a
target of paleoclimate study since ocean salinity is a key
factor in ocean density and circulation, and is also indicative
of the regional hydrology. No direct measures of past
salinity variability are currently available, and thus efforts
have relied on indirect proxy indicators of past salinity.
Water isotopologues in seawater (dD and d18Osw: d in per
mil units ≡ (Rsample/Rstandard − 1)*1000) are intrinsically
linked to salinity since surface freshwater exchanges are
important in determining the variability of both. The two are
regionally linearly related [Fairbanks, 1989], leading to the
widespread use of d18Osw as a proxy for past salinity [Craig
and Gordon, 1965; Duplessy et al., 1991].
[3] Seawater oxygen isotope concentration is preserved in

carbonate from organisms such as foraminifera and corals,
contributing to its use as a proxy for paleoceanographic
conditions. Carbonate d18O concentration is controlled by
both the temperature of seawater during formation (≈−0.2‰
d18Osw per °C), the isotopic composition of seawater, and
species‐dependent “vital effects.” Given an independent
temperature proxy (e.g., Mg/Ca in calcite), past variability in
d18Osw can be inferred from foraminifera and corals,
allowing for estimations of past changes in salinity and
ocean circulation [Peña et al., 2008; Rostek et al., 1993;
Schmidt et al., 2004; Stott et al., 2004].
[4] The assumption that d18Osw archives provide a quan-

titative measure of past salinity variability is problematic. As
pointed out by Craig and Gordon [1965], water undergoes

further fractionation and transportation after evaporation,
giving an extra degree of freedom to water isotope vari-
ability over salinity variability. Temporal paleosalinity var-
iability is typically inferred by a simple division of the past
d18Osw variability by the modern regional spatial d18Osw to
salinity relationship/covariability [Rostek et al., 1993; Stott
et al., 2004]. This method assumes that the mechanisms
(discussed below) that are the most important in determining
the covariability of these two tracers within a region are the
same mechanisms that control covariability through time.
[5] Previous work has suggested that during large

changes in past climate, such as the last glacial maximum,
21,000 years ago, the d18Osw to salinity relationship would
have varied principally through the significant impact of
land ice on the d18Osw of runoff and alteration of the extent
and amount of sea ice [Rohling and Bigg, 1998; Schmidt,
1999]. However, it is possible that other changes in cli-
mate and the hydrological balance could impact this rela-
tionship. Orbital variability, for instance, can cause large
shifts in atmospheric circulation, as well [Braconnot et al.,
2007].
[6] Putting aside the complexities of reconstructing

paleosalinity; d18O is fundamentally a tracer of the hydro-
logic cycle. The wide range of variability in freshwater d18O
allows the determination of the relative proportion of water
from multiple sources in both the ocean and atmosphere
[e.g., Khatiwala et al., 1999; Masson‐Delmotte et al., 2008;
Meredith et al., 1999; Noone, 2008]. In the ocean, d18O
tracks regional freshwater balance and water mass exchange
through surface ocean fluxes and ocean circulation [Jacobs
et al., 1985; Skinner et al., 2003]. Fluxes of freshwater (e.g.,
precipitation, evaporation, and river input) affect the con-
centration of both d18Osw and salinity yielding strong, but
only regionally coherent correlations between the two in
most of the ocean [Craig and Gordon, 1965; Fairbanks
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et al., 1992; LeGrande and Schmidt, 2006]. In the modern
ocean, d18Osw has been used as a tracer for sea ice melt,
glacial and river runoff, deep ocean water masses, and deep
water formation processes [Strain and Tan, 1993]. How-
ever, transport and additional fractionation in the atmo-
sphere and other processes, such as sea ice formation, that
affect seawater d18O and salinity differently make variations
in d18Osw more complicated than salinity variations, and
limit good spatial correlations between d18Osw and salinity
to regional scales [LeGrande and Schmidt, 2006]. However,
neither the equivalence of spatial and temporal correlations,
nor the constancy of temporal correlations over long time
scales during different mechanisms of climate change has
been established, indeed, much evidence exists that these are
not likely to be equivalent in general [Rohling and Bigg,
1998; Schmidt et al., 2007; Werner et al., 2000].
[7] In the atmosphere, the oxygen isotopic composition

of precipitation d18O is a product of the initial composition of
d18O in the water vapor of an air parcel and the amount
of rain out and mixing of that air parcel along its path
[Dansgaard, 1964]. It correlates well to surface air tem-
perature at mid to high latitudes and may approximate the
amount of precipitation at low latitudes over short time
periods over or near oceans [Rozanski et al., 1993]. Vari-
ability of precipitation d18O can influence d18Osw in areas
where there is significant glacial melt and river runoff
[Jacobs et al., 1985].
[8] The tropical hydrologic cycle is “closed” to first order

(i.e., most of what evaporates in the tropics rains out in the
tropics, making the average d18O of the two similar), and
this results in shallow d18Osw to salinity relationships
[Fairbanks et al., 1992; LeGrande and Schmidt, 2006].
(Details are in section 2.) The relatively small amount of
“leakage” out of the tropics occurs at midtroposphere levels,
and the isotopic composition of this “leaking” water sets the
freshwater end‐member for the extratropics. Input of
freshwater from glacial melt and river runoff is also
important to determining freshwater end‐members locally.
The tropical Atlantic and tropical Pacific are also strongly
influenced by interocean exchange of freshwater (including
over the Isthmus of Panama), and the isotopic composition
of the vapor exchanged is important to determining fresh-
water end‐members in each of these two regions as well
[Benway and Mix, 2004]. Processes that control the distri-
bution of rainfall on land, interocean exchange of water, and
export of water vapor from the tropics could change on
longer time scales, affecting the temporal relationship.
[9] Isotope‐enabled general circulation models (GCMs)

can act as numerical laboratories for assessing the strength
and validity of assumptions made in paleoclimate recon-
structions. The use of these models lies not in their imperfect
realization of the climate system, but in their inclusion of
many more factors than can be incorporated into recon-
structions. Should assumptions about covariability not be
supported in an appropriate model simulation, they are
unlikely to be valid in the (more complex) real world.
Interpretations of ice core isotope thermometry have
benefited enormously from results drawn from atmospheric
GCMs [Charles et al., 1994; Hoffmann et al., 2005; Jouzel
et al., 1994; Werner et al., 2000]. Coupled ocean‐atmo-
sphere models have not been used as widely, but they enable
more complex assumptions related to paleoceanographic

proxies to be examined [LeGrande and Schmidt, 2006;
Schmidt et al., 2007].
[10] In this paper, we examine the mechanisms that con-

trol the variability of water isotopologues and salinity in a
coupled GCM and provide a quantitative assessment of the
skill of two different techniques for estimating paleosalinity
from water isotope variability. The first technique, described
above, uses modern d18Osw to salinity spatial relationships
to infer paleosalinity. The second technique was suggested
by Rohling [2007] and pairs both past d18Osw and dDsw

(deuterium, 2H) variability to estimate paleosalinity. We
evaluate ocean water isotopologue and salinity variability
on decadal and millennial time scales using results from
eight Holocene time slice, equilibrium simulations, roughly
1000 years apart, from the fully coupled, isotope‐enabled
GCM,Goddard Institute for Space Studies (GISS)ModelE‐R.
The skill and details of the model in simulating the Holocene
are presented by LeGrande and Schmidt [2009].
[11] The primary driver of climate change over the

Holocene is thought to be related to changes in the orbital
configuration. Perihelion shifts during the Holocene changes
Northern Hemisphere seasonality, with the maximum dif-
ference from today occurring in the early Holocene. Rem-
nant ice sheets and long‐term consequences of the
deglaciation also influence early Holocene climate. In the
tropics, rainfall was likely shifted northward in the early
Holocene, with some indications that its intensity was
greater, with diminishing intensity and southward migration
through to the modern. The western tropical Pacific is
thought to have been more saline in the early Holocene
[Stott et al., 2004], and El Niño–Southern Oscillation vari-
ability is thought to have had smaller magnitude than today
[Brown et al., 2008; Chiang et al., 2009]. The tropical
Atlantic was thought to be more saline as well [Schmidt
et al., 2004]. Terrestrial proxies indicate warmer Northern
Hemisphere summers, and reduced sea ice extent [Davis
et al., 2003; Kaufman et al., 2004; Masson et al., 2000],
although ocean temperature trends appear to vary as a
function of latitude, warming through the Holocene in the
tropics, while cooling in more polar latitudes [Lorenz et al.,
2006]. Overall, the Holocene is thought to be a relatively
stable period of time spanning the last 10,000 years, making
it a telling period to assess the skill of the two paleosalinity
reconstruction methods.

2. Methods

[12] GISS ModelE‐R is a fully coupled atmosphere/
ocean GCM. The experiments here use the M20 version of
ModelE whose horizontal resolution is 4° × 5°, with a
20 vertical layer atmosphere up to 0.1 hPa height coupled
to the 13‐layer Russell Ocean model at the same horizontal
resolution [Hansen et al., 2007; Schmidt et al., 2007]. Atmo-
spheric advection uses the quadratic upstream scheme, with
9 moments advected in addition to mean quantities, signif-
icantly enhancing the effective tracer resolution (to ∼1.3° ×
∼1.6°). The ocean model is non‐Boussinesq, mass conserv-
ing, and has a full free surface. Freshwater is treated in a
“natural”way; that is, the addition of freshwater increases the
free surface and reduces salinity purely through dilution. No
equivalent salt fluxes or flux adjustments are used, allowing
for the prognostic calculation of water isotope to salinity

LEGRANDE AND SCHMIDT: H2O ISOTOPES AS PALEOSALINITY PROXY PA3225PA3225

2 of 10



relationships. All boundary conditions and atmospheric
composition in the control case are appropriate to the prein-
dustrial period (circa 1880).
[13] Water tracers (1H2

16O, “normal” water; 2H1H 16O, dD;
1H2

18O, d18O) are included in the atmosphere, land surface,
sea ice, and ocean and are tracked through all stages of the
hydrologic cycle. These isotopes are advected like water
through the model, but at each phase change, an appropriate
fractionation is performed.
[14] Eight “time slice” experiments were performed, giv-

ing roughly 1000 year temporal coverage across the Holo-
cene: 0, 1, 2, 3, 4, 5, 6, and 9 kiloyears ago (kya). In each,
greenhouse gas concentrations were adjusted based on ice
core reconstructions, and seasonal insolation was changed as
a function of changing orbital parameters. For the 9 kya
experiment, a remnant Laurentide ice sheet was included,
and mean ocean water salinity and d18O adjusted to account
for ice volume (+0.33‰ equivalent to ∼35 m of sea level)
changes. Each experiment was run 500 years, reaching quasi
equilibrium, and the last 100 years of the experiments are
presented here.

3. Paleosalinity Reconstructions

[15] GISS ModelE‐R does a reasonable job of simulating
d18Osw and salinity (Figure 1), with problems appearing
as zonal smoothing of tracer gradients and too enriched
(high) values in areas where the local freshwater balance
is negative.

3.1. Holocene d18Osw to Salinity Relationships

[16] The simulated regional spatial 0 kya d18Osw to
salinity slopes (Figure 2 and Table 1) follow those observed;
the d18Osw to salinity slope is greatest at midlatitudes and
high northern latitudes, and shallower in the tropics and
Southern Ocean [LeGrande and Schmidt, 2006]. Simulated
d18Osw matches observed d18Osw reasonably well, except
that simulated zonal gradients are too shallow, similar to
other tracer fields [Schmidt et al., 2007].
[17] Vigorous water recycling in the tropics yields a

freshwater end‐member there that is more enriched than in

high latitudes and a very shallow d18Osw to salinity gradient,
typically 0.1 to 0.3‰/practical salinity unit (psu) [LeGrande
and Schmidt, 2006]. The isotopic ratio in the small amount
of water that leaves the tropics at a midtroposphere level is
quite depleted, with d18O of −15 to −20‰ [LeGrande and
Schmidt, 2009, Figure 8a]; it becomes the freshwater end‐
member for the extratropics [Craig and Gordon, 1965]. In
the extratropics this end‐member combined with depleted
end‐members from river input as well as a significant amount
of water imported and exported from each region, yields
steeper d18Osw to salinity slopes, typically >0.5‰/psu [Craig
and Gordon, 1965; Fairbanks et al., 1992; LeGrande and
Schmidt, 2006]. Since sea ice (weakly) preferentially incor-
porates d18O and excludes salt, yielding a (slightly) negative
d18Osw to salinity relationship, opposite of that observed in
most other processes, we will exclude discussion of high‐
latitude d18Osw to salinity relationships in this paper.
[18] Simulated modern relationships resemble those

observed (Figure 2 and Table 1). For instance, the simulated
tropical Atlantic relationship is shallow (∼0.23–0.27‰/psu),
but somewhat steeper than observed (0.15‰/psu). Simu-
lated subtropical slopes are appropriately steeper than the
tropical slopes at 0.4–0.6‰/psu, but sometimes shallower
than observed. These simulated regional characteristics have
remained largely unchanged, within decadal time scales or
within a single time slice, across our Holocene experiments
(Figure 3). The greatest exception occurs in the early
Holocene, when highly depleted glacial runoff from the
shrinking Laurentide Ice Sheet [Carlson et al., 2008] com-
bined with altered simulated Atlantic Ocean circulation,
steepens d18Osw to salinity relationships there.
[19] The above discussion focuses on the regional spatial

relationship between d18Osw and salinity. We now turn to
the temporal relationships, simulated in this study. We
illustrate these in detail at three discreet locations relevant
to existing paleosalinity reconstructions: (1) the North
Atlantic, (2) the western tropical Pacific, and (3) the eastern
tropical Pacific (Figure 4). At the decadal scale, the local
temporal relationship is usually similar to the regional spa-
tial slope (varying as shown in Figure 3). However, this is
not generally true for the longer time scales involved in
paleosalinity reconstructions.

Figure 1. (top) Sea surface d18Osw from LeGrande and
Schmidt [2006] and salinity from Antonov et al. [2010].
(bottom) Simulated sea surface d18Osw from the 0 kya (pre-
industrial) simulation of Goddard Institute for Space Studies
ModelE‐R and simulated surface salinity.

Figure 2. Local linear regression on decadal covariability
between surface d18Osw and salinity at 0 kya (preindustrial
conditions) over a 100 year time period.
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[20] At millennial time scales, using the 8 time slice
simulations representing the course of the Holocene, the
local temporal slope is frequently different than the regional
spatial slope. In the North Atlantic location, the regression
through mean millennial d18Osw and salinity is the same at
decadal time scales and during the Holocene as a whole
(Figure 4a). This slope also fits with the d18Osw and salinity
values of the early Holocene which are influenced by the
significant increase of d18O depleted freshwater drainage
from the remnant Laurentide Ice Sheet. However, for the
western tropical Pacific (Figure 4b), changes to d18Osw are
larger than those in salinity (relative to what would have
been expected from the modern spatial relationship),
resulting in a Holocene temporal slope that is over twice the
modern annual to decadal temporal slope. This implies that
paleosalinity reconstructions of the western tropical Pacific
would infer too great of change in salinity given d18Osw

variability. The eastern tropical Pacific has the opposite
behavior, as no changes occur in d18Osw, but small changes
occur in salinity; the modulation here is linked to changes in
water vapor transport from the Atlantic into the Pacific and
to an increase (by ∼8% in the early Holocene) of western
flow into the western tropical Pacific.
[21] The simulations also suggest that the temporal slope

is not constant. That is, the relative differences between
salinity and d18Osw given any two time slices (i.e., the slope
between two time slices 0–3, 3–6, and 6–9 kya) are not the
same in addition to varying significantly in sign and mag-
nitude from the modern (local decadal/regional spatial)
slope. This variability indicates that fine‐scale quantitative
salinity reconstructions may be exceptionally difficult given
the variety of climate change drivers that have operated in
the past.
[22] We illustrate the difference between the 0 kya

decadal temporal slope and the Holocene temporal slope by
repeating the single grid box analyses in Figure 4 globally
for Figure 5 (shows the regression of the d18Osw to salinity
slope over the course of the Holocene (8 time slices)). To
facilitate our understanding of the impact these differences

Table 1. Observed Slope (m) and Intercept (b) for Various Regions Compared to Simulated Slope (m) and Intercept (b) for the 0, 3, 6,
and 9 kya Time Slicesa

Region

Observedb Model
Count

0 (kya) 3 (kya) 6 (kya) 9 (kya)

m b m b Qfit sm m b Qfit sm m b Qfit sm m b Qfit sm

Arctic 0.48 −16.82 311 0.40 −14.49 0 0.01 0.40 −14.74 0 0.01 0.42 −15.33 0 0.01 0.51 −18.05 0 0.01
GIN Seas 0.33 −11.82 15 0.44 −15.86 0.62 0.11 0.41 −14.80 0.48 0.12 0.33 −12.30 0.46 0.12 0.62 −21.73 0.97 0.02
Baltic Sea 0.28 −8.73 3 0.43 −14.86 0.94 0.01 0.43 −14.87 0.94 0.01 0.43 −14.99 0.93 0.01 0.43 −14.80 0.93 0.01
Hudson Bay 0.42 −16.05 13 0.33 −12.41 0.85 0.04 0.34 −12.87 0.81 0.04 0.35 −13.21 0.82 0.04 NA NA NA NA
Barents Sea 0.6 −20.71 36 0.60 −20.61 0 0.06 0.59 −20.44 0 0.06 0.58 −19.98 0.01 0.05 0.63 −21.66 0 0.06
North Atlantic 0.55 −18.98 122 0.48 −16.47 1 0.01 0.47 −16.35 1 0.01 0.47 −16.39 1 0.01 0.56 −19.32 1 0.01
Tropical Atlantic 0.15 −4.61 131 0.23 −7.61 1 0.01 0.24 −7.92 1 0.01 0.25 −8.47 1 0.01 0.27 −8.67 1 0.01
South Atlantic 0.51 −17.4 109 0.44 −15.20 1 0.00 0.44 −15.24 1 0.00 0.44 −15.38 1 0.00 0.44 −15.05 1 0.00
Mediterranean 0.28 −9.24 32 0.47 −16.12 0.89 0.02 0.46 −16.06 0.87 0.02 0.45 −15.38 0.87 0.02 0.41 −14.01 0.93 0.01
Southern Ocean 0.24 −8.45 385 0.50 −17.34 1 0.01 0.50 −17.45 1 0.01 0.47 −16.39 1 0.01 0.47 −16.10 1 0.01
North Pacific 0.44 −15.13 189 0.36 −12.36 1 0.01 0.38 −13.07 1 0.01 0.39 −13.44 1 0.01 0.43 −14.41 1 0.01
Tropical Pacific 0.27 −8.88 312 0.25 −8.58 1 0.00 0.24 −8.17 1 0.00 0.23 −7.82 1 0.01 0.23 −7.51 1 0.01
South Pacific 0.45 −15.29 209 0.35 −12.01 1 0.01 0.35 −12.05 1 0.01 0.35 −12.25 1 0.00 0.36 −12.22 1 0.00
Red Sea/Persian Gulf 0.31 10.81 3 0.21 −6.68 0.89 0.00 0.22 −6.94 0.9 0.00 0.21 −6.91 0.9 0.00 0.22 −6.80 0.91 0.00
North Indian 0.16 −5.31 154 0.27 −9.01 1 0.01 0.26 −8.86 1 0.01 0.26 −8.97 1 0.01 0.27 −8.87 1 0.00
South Indian 139 0.46 −15.78 1 0.01 0.45 −15.71 1 0.01 0.45 −15.56 1 0.01 0.45 −15.06 1 0.01

aFor the simulated fields the quality of fit (Qfit) and sigma slope (sm) are provided. Count refers to the number of grid boxes used to determine the
statistics in each time slice.

bAs calculated by LeGrande and Schmidt [2006].

Figure 3. Percent bias of the local linear regression between
surface d18Osw and salinity at (top) 3, (middle) 6, and
(bottom) 9 kya divided by the local linear regression at
0 kya (Figure 5). Places where the slope is unchanged
compared to modern are uncolored.
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have on millennial salinity reconstructions, we normalize
Figure 5 by the modern decadal slope and present the data as
percent bias. Here, for instance, a 100% bias means that the
reconstructed salinity change using the d18Osw to salinity
slope is twice the simulated salinity change. Figure 5 shows
the percent of error in using the local decadal slope instead of
the (appropriate) millennial‐scale slope to infer salinity from
d18Osw. The reporting of quantitative reconstructions for the
Holocene could be improved by including estimated errors
determined from these simulations as shown in Figure 5.
(For example, a western tropical Pacific reconstruction might
contain additional error bars of 100–200%.) Even reporting
qualitative reconstructed temporal changes in salinity can be
misleading since the magnitude of change from one part of
the record to the next may be very different.
[23] Figure 6 provides a quantitative sense of how this

shift would impact paleosalinity reconstructions. (Note that
Figure 6 is not intended to be used as error bars on paleo-
salinity reconstructions. Figure 5 is better suited for this
purpose.) Figure 6 (top) shows “virtual” paleosalinity
change at 9 kya; the 9 kya change in d18Osw (adjusted for ice
volume changes) is divided by the 0 kya d18Osw to salinity
relationship. This is the typical method used for paleosali-
nity reconstructions [Peña et al., 2008; Schmidt et al., 2004;
Stott et al., 2004]. Figure 6 (bottom) is the difference
between this “virtual” salinity change and the simulated
paleosalinity change at 9 kya. Again the western tropical
Pacific stands out as a location where paleosalinity changes
are overestimated (positively), and the tropical Atlantic to
Gulf of Mexico have similarly large errors where paleosa-
linity changes are overestimated (negatively).
[24] Extra oceanic transport pathways are important even

during the Holocene, in determining the temporal salinity to
d18Osw relationship. The impact of using a modern regional
spatial salinity to d18Osw slope to estimate the temporal
slope is to yield paleosalinity change estimates that are too
great in the tropical Atlantic and western tropical Pacific and
too small in the eastern tropical Pacific (though here, the
variability of d18Osw is too small for the result to be sig-
nificant). In the Caribbean, salinity changes are generally
small and negative (compared to 0 kya). In contrast, d18Osw

here decreases more than would be anticipated given the
modern 0.23–0.27‰/psu (0 kya, temporal relationship). In
some locations, the western tropical Atlantic spatial slope is
too shallow by a factor of 3 (Figure 5). In the western
tropical Pacific, both salinity and d18Osw are greater (com-
pared to 0 k), and the d18Osw gets heavier more quickly than
salinity increases (predicted given the modern regional
spatial 0.23–0.27‰/psu relationship, Figure 4c).
[25] These alterations in the tropical hydrologic cycle

(and d18Osw to salinity relationship) have repercussions for
the extratropics as well. For instance, when poleward
transport of heavy water decreases, the freshwater end‐
members for the extratropics becomes lighter (and vice
versa, Figure 4). As such, the slopes within individual time
slices either spatial or temporal at the decadal scale, can
remain relatively unchanged while the intercept (or fresh-
water end‐member) changes. The millennial temporal slope
changes ultimately reflect the relative changes in the mean
salinity and d18Osw values of a region.

Figure 4. For three points in the ocean, the (a) North
Atlantic, (b) western tropical Pacific, and (c) eastern tropical
Pacific decadal linear regressions between surface d18Osw

and salinity at 0, 3, 6, and 9 kya with the regression through
the mean value of all eight simulations printed over in blue.
Note that this Holocene (HOL) slope is not equivalent to
individual slopes between each time slice. Individual
decadal averages appear for the 0 (blue diamonds), 3 (red
squares), 6 (green triangles), and 9 kya (purple circles)
cases; average values for all eight simulations appear in blue
asterisks, with the 1s variation about the mean printed
on top.
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3.2. Quantifying Uncertainties in Finding Salinity

[26] Previous work has attempted to quantify the struc-
tural and analytical source of errors in standard paleosalinity
estimates [Rohling and Bigg, 1998; Schmidt, 1999].The
most significant sources of error were found to be the
uncertainty in the linear regressions used and the potential
uncertainty in the spatial slopes. For the mid‐Holocene
where no ice volume related corrections are needed, the
uncertainty in paleosalinity measurements can be estimated
as from Schmidt [1999, equation (8)] where the errors in
salinity reconstruction (sS) can be approximated using the
inverse of the d18Osw to salinity relationship (G), the
goodness of fit of the mixing line (sml), the errors in d18Osw

(sw), the errors in the freshwater end‐member (sF) and of
Dwi, related to the offset between d18Osw (dw), and (when in
the tropics) less the offset between tropical and ocean mean
waters (doffset) all scaled by the d18O of the paleofreshwater
end‐member in the (d′F):

�2
S � 1

G2
�2
ml þ �2

w þD2
wi�

2
F

� �

Dwi ¼ �w � �offset
�′F

[27] The equation can usefully be applied separately in the
tropics and the midlatitudes with slightly different values of
G and sml in both cases (tropics: G = 0.3‰/psu, sml = 0.13;
midlatitudes: G = 0.5‰/psu, sml = 0.2). sw depends on the
methodology with which the d18Osw was derived, while Dwi

and sF are related to the structural uncertainty in the
appropriate slope. In the absence of this uncertainty, this
equation estimates that paleosalinities anomalies are at best
only going to be (1 s) 0.6–1.1 psu (midlatitudes) and 0.9–
1.8 psu (tropics) depending on the source of the temperature
used in calculating d18Osw.

[28] However, given the magnitude of systematic change
in the slope in time seen in our simulations, the uncertainties
in derived Holocene salinities increases beyond these
structural/analytical errors by up to 300% in some regions
(Figure 5). (To be clear, a 2 psu reconstruction of paleosa-
linity anomaly to modern from the modern d18Osw to salinity
relationship given the simulated calculating d18Osw actually

Figure 5. Variations in Holocene (0–9 kya) slope of surface d18Osw versus salinity normalized by 0 kya
slopes. For each grid box, a linear regression is performed through the 100 year average surface d18Osw

and salinity (eight points); this regression is normalized by the surface d18Osw versus salinity slope
(Figure 1). The percent bias of this ratio is plotted above: warm colors indicate places where paleosali-
nity would be overestimated using the 0 kya slope, and cool colors indicate places where paleosalinity
would be underestimated using the 0 kya slope.

Figure 6. (top) “Virtual” sea surface salinity constructed
by dividing the (9–0 kya) surface d18Osw by the modern sur-
face d18Osw to salinity relationship at 0 kya (preindustrial
conditions), the typical method used for paleosalinity recon-
structions. (bottom) The difference between simulated sea
surface salinity change at 9 kya and the “virtual” sea surface
salinity change.
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corresponds to only a 1 psu simulated salinity change in
addition to the ∼0.6–1.8 psu structural/analytical error.) If the
results here are robust though, it may be possible to use the
model‐derived temporal slopes directly in the calculation
(with their own error bar) to reduce the eventual uncertainty.

3.3. Constraining Paleosalinity
With Additional Tracers

[29] Clearly, the simulations demonstrate that applying
the modern spatial slope to infer past salinity changes
regionally can yield very high biases, upward of 100–200%
in the Western tropical Pacific, western tropical Atlantic,
and Caribbean. However, these estimates only use infor-
mation contained within the in oxygen isotopes in carbon-
ate. Recently, it has been suggested that pairing information
from both these proxies and hydrogen isotope variability
from biomarkers could yield better estimates for paleosali-
nity (if the isotopic composition of surface water vapor
fluxes is little changed from a reference period) [Rohling,
2007].
[30] Following Rohling [2007], we apply the following

relationship for determining paleosalinity to the simulated
preindustrial surface salinity (S0), preindustrial surface dD
(dD0sw), preindustrial surface d18O (d18O0sw), change in
surface seawater dD (DdDsw), change in surface seawater
d18O (Dd18Osw), and assuming a preindustrial meteoric
water line slope of 8 (l0) with a deuterium excess of 10 (d0):

S ¼ S0 1þ D�Dsw � �0D�18Osw

�D0sw � �0�18O0sw � d0

� �

[31] Assuming that we have perfect information about the
dD changes, as previously, we can calculate the estimated
salinity change and compare it to the simulated salinity
change during the mid‐Holocene (Figure 7). We find that
this technique generally has much smaller biases, with most
estimates off by only 20–30%. However, some areas, such
as the Mediterranean Sea still have sizable biases. This
offset is likely due to changes in the freshwater end‐member
entering the region, which factors into the denominator of
the above equation. For instance, in the eastern Mediterra-
nean, speleothem records (pairing d18Ocalcite and dD of fluid

inclusions) indicate that the deuterium excess of water vapor
(and perhaps the isotopic composition of water vapor)
changed during the mid‐Holocene to modern (M. Bar‐
Matthews, personal communication, 2008). This observa-
tion is also consistent with our simulated circulation changes
that indicate a greater influx of Atlantic water vapor (thus
fluxes were less purely drawn from Mediterranean sources).
[32] The patterns of offset in using only the oxygen iso-

topes (Figure 5) and both oxygen and deuterium isotopes
(Figure 7) are quite different. The oxygen isotope‐only
based changes tend to be overestimated in the western
tropical Pacific, western tropical Atlantic, and under-
estimated in the eastern tropical Pacific. The pairing of the
two water isotopologues largely produces smaller biases
(relatively to the oxygen isotopes alone) that are more global
in extent. Pairing the two water isotopologues together thus
appears to be a promising way of extracting paleosalinity
from past climate records, although it would require that
another proxy (for dD) be acquired at each core site from
alkenones or other biomarkers [e.g., Pahnke et al., 2007]
and which would need to be calibrated to the water isotope
composition at the time of calcification of the d18O.

4. Regional Ocean Water Mass Changes

[33] In order to understand why changes occur in both
salinity and water isotopologues within each region, we
diagnose the full budget of water imported and exported in
each region. We focus here on two regions for which there
are published paleosalinity reconstructions for the Holocene.
Regional definitions follow LeGrande and Schmidt [2006],
except that the tropical Pacific is partitioned into eastern and
western regions, with the division occurring at 175°W and
the Indian Ocean is subdivided across the equator.
[34] First, we consider the western tropical Pacific where

salinity and d18Osw are higher compared to 0 kya, and
paleosalinity estimates based on modern spatial covariability
of the two here would tend to be too high. In the early
Holocene (EH) (9 kya), precipitation over the western
tropical Pacific is reduced by 3%, while evaporation
increases by 0.5% (with progressively smaller changes rel-
ative to 0 kya into the mid Holocene (MH) (6 kya) and late
Holocene (LH) (3 kya)). This region has ∼5% increased
transport from the eastern tropical Pacific in the MH to EH,
but less than a 1% change at 3 kya, while eastward exchange
was reduced (DLH: −6%, DMH: −2%, DEH: −9%). Flow
into this region from the northern Pacific (recirculation) is
progressively enhanced from the early to late Holocene,
with an increased transport of 73% at 9 kya, with only an
8% increase in return back northward compared to 0 kya.
The flux into the western tropical Pacific from the North
Pacific in the mid‐Holocene is of similar magnitude to the
precipitation flux, while in the preindustrial it is only
roughly half of the precipitation flux. Exchange of water
from below the thermocline is also progressively enhanced
from the late to early Holocene, with the mid‐Holocene
having 8% greater upwelling and 15% greater downwelling.
Westward flow through the Indonesian Seaways is pro-
gressively reduced from the late to early Holocene, with
advection diminished by 12% at 9 kya. Transport of waters
southward into the South Pacific is progressively increased
from the late (8%) to early Holocene (15%).

Figure 7. Percent bias of the technique by Rohling [2007]
for estimating paleosalinity (through use of both oxygen and
deuterium isotopes) and the corresponding salinity change.
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[35] In short, more water enters the western tropical
Pacific from the North and East, while more exits westward;
surface freshwater input is reduced; and deep exchange
increases. These collectively work both to make this area
more saline and enriched in d18O (compared to 0 kya), as
well as to pull the salinity d18Osw curve off its preindustrial
spatial relationship. To focus, we compare the MH to 0 kya,
the EH and LH scale. The average salinity difference
between the western tropical Pacific and northern Pacific is
0.3 psu, while the average d18Osw is 0.15‰ less in the North
Pacific, while the eastern tropical Pacific is only 0.15 psu
more saline, but 0.2‰ more enriched. In the preindustrial,
the salinity d18Osw slope is 0.37‰/psu; a 0.15–0.2‰ d18Osw

change would thus imply a 0.4–0.55 psu salinity change.
Increases in evaporation (d18O 0 kya: −4.3‰, d18O MH:
−4.5‰) and decreases in precipitation (d18O 0 kya: −5.4‰,
d18O MH: −5.2‰) both work to salinify and enrich western
tropical Pacific waters. At both time slices, the P‐E d18O
difference is small (0 kya: 1.1‰; MH: 0.7‰), which serves
to maintain a shallow salinity d18Osw slope within each time
slice. These precipitation and evaporation d18O values repre-
sent freshwater end‐members for the region. They are similar,
though not identical, pushing the salinity d18Osw curve at
millennial time scales toward steeper slopes at decadal and
shorter time scales. Alterations in ocean advection driven by
shifting wind bands following changes in sea surface temper-
ature patterns and the thermal equator play the most important
role in setting the mean salinity and isotopic composition of
seawater.
[36] Turning to the Caribbean, a few percent less water is

exported across the Isthmus of Panama to the Pacific at the
MH than at 0 kya (Figure 8). Changing cross‐isthmus trans-
port affects both the Atlantic and Pacific basins, but the
smaller volume of water in the Atlantic, and particularly in
Gulf of Mexico intensifies the impact alterations in cross‐
isthmus transport there. In the model, the freshwater end‐

member for the Gulf of Mexico (basin wide average) is
around −5‰. This freshwater end‐member is less depleted
than that observed, −8.4‰ [Benway and Mix, 2004;
LeGrande and Schmidt, 2006]. The isotopic composition of
water vapor exported to the Pacific is ≈−12 to −13‰ across
all the Holocene experiments. Modulating the transport of
this more highly depleted water vapor exported from the
Atlantic (than the local salinity to d18Osw end‐member) has
the effect of steepening tropical Atlantic salinity to d18Osw

relationships (150–300% within the Gulf of Mexico) and
dampening (very slightly) eastern tropical Pacific salinity
to d18Osw slopes (Figure 5). This result suggests that d18Osw

analyses in the Gulf of Mexico and Caribbean may not be
suitable for determining quantitative salinity changes (using
this method, at least), but may be useful for assessing changes
in interbasin exchange of water. This exchange can have
important repercussions for setting the average salinity of the
Atlantic basin and thus in determining the strength of
meridional overturning circulation at higher latitudes.

5. Discussion

[37] Reconstructing paleosalinity changes has long been a
goal of paleoceanographic studies but in the absence of direct
measures for salinity, a variety of indirect proxy techniques
have been proposed. Significant biases in paleosalinity esti-
mates are introduced using the technique of applying modern
regional, spatial slopes to infer the local, temporal covaria-
bility of d18Osw and salinity. In places such as the tropical
Atlantic and western tropical Pacific, paleosalinity change
estimates over the Holocene may be overestimated by 100–
300%. This bias means that the changes in salinity are much
more modest than implied by the changes in d18Osw vari-
ability. These biases are in addition to any noise or artifacts
introduced into the estimated d18Osw variability during the
subtraction of the temperature signal from the d18Ocalcite

Figure 8. (left) Decadal mean d18Osw and salinity for Gulf of Mexico for 0 (blue), 3 (red), 6 (green), and
9 kya (purple). The 100 year average d18Osw and salinity (cyan stars) are plotted with the 1 s error over-
laid for 0, 1, 2, 3, 4, 5, 6, and 9 kya. Regressions are for (1) 0 kya preindustrial decadal points and
(2) 100 year average of all eight Holocene simulations. For Figure 8 (left), the value is 0.57/0.21–1 =
1.7 (paleosalinity change is prone to overestimation). (right) Decadal mean d18Osw and annually averaged
easterly water vapor flux into Panama (d18O of water vapor ∼−8‰) for 0 (blue), 3 (red), 6 (green), and
9 kya (purple). The 100 year average d18Osw and annually averaged easterly water vapor flux over
Panama (cyan stars) are plotted with the 1 s variation overlaid for 0, 1, 2, 3, 4, 5, 6, and 9 kya. The regres-
sion is through 100 year average points, showing positive correlation between the two.
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signal as well as structural/analytical errors in the determi-
nation of the spatial slopes.
[38] The departure of the local, temporal slope from the

regional, spatial slope over the course of the Holocene is
driven primarily by orbital changes. Other drivers of climate
change over glacial‐to‐interglacial time scales may produce a
different pattern of temporal slopes. On longer time scales,
there is also the addition of orographic, ice sheet–related,
greenhouse gas, and geographic changes. It is not clear
whether these would exaggerate these orbitally driven biases
or not. Future work will include periods with these changes to
assess the impact of changes in other boundary conditions.
[39] Fundamentally, atmospheric pathways for exchange

of water are the cause of variability of d18Osw to salinity
relationships. They are also the reason that spatial and
temporal covariability are not equivalent. At short annual to
decadal time scales, regional evaporation and precipitation
and input from major rivers combined with ocean dynamics
are important at setting the covariability. This can be gen-
eralized to mean that the location of the region (i.e., tropical,
subtropical, and greater river input) is the most important
factor in the regional spatial d18Osw to salinity relationship.
For instance, most water evaporated from the tropics
remains in the tropics making the d18O of evaporate and
precipitate are quite similar and relatively heavy and yield-
ing shallow tropical d18Osw to salinity relationships. At
higher latitudes, freshwater is imported in the atmosphere
and exported from ocean regions; depleted water from river
systems is also introduced. These yield steeper extratropical
d18Osw to salinity relationships.
[40] On millennial time scales, changes in the interbasin

exchange of water become the driver of d18Osw to salinity
covariability. The flux of water across the Isthmus of Panama
is important in setting the average d18Osw and salinity of the
Atlantic and Pacific Oceans. Variability in this exchange in
our experiments is crucial in determining the Holocene
d18Osw to salinity relationships. Orbital‐scale variability in
the patterns of rainfall, e.g., which river catchment basin
receives rain from which ocean basin and into which ocean
basin it returns, is also important in determining the fresh-
water end‐member of the d18Osw to salinity relationship.
[41] In areas like the North Atlantic, the input of glacial

meltwater is important in making the local d18Osw to salinity
slope steep: the 9 kya case has ∼40% greater input of
depleted runoff (−13 to −14‰ including both glacial and
river sources) compared to the 0 kya. The change in the
amount of this important freshwater end‐member from the
early to late Holocene drives the Holocene temporal slope.
Similarly, in the modern, the input of depleted runoff is an
important control on the d18Osw to salinity slope at decadal
time scales within each time slice. To maintain a similar
slope at millennial time scales, (1) either no (or exactly
identical) changes can occur in the processes that set the
mean values of d18Osw and salinity or (2) a “coincidental”
process must occur on millennial time scales that yields a
similar relationship between the two. The latter occurs over
the course of the Holocene in the North Atlantic. Here, at the
century time scale, variability in glacial runoff is not sig-
nificant enough to cause a different covariability in the
d18Osw to salinity relationship in the 0 kya through 6 kya
time slices; Figure 4a shows that over this time period, there

are only very small changes in salinity with some variability
in d18Osw. At 9 kya, there are significant changes to glacial
runoff, and thus the millennial‐scale slope in d18Osw to
salinity is similar when that earliest time period is consid-
ered. Given this sensitivity, paleosalinity reconstructions in
regions subject to large variations in glacial meltwater are
likely to be problematic.
[42] Rohling [2007] suggested that pairing reconstructions

of seawater d18O with seawater dD might improve paleo-
salinity estimates. This technique in general has much
smaller biases (<40%) and patterns of bias that are com-
pletely different to the paired temperature proxy d18Ocalcite

technique, at least using our simulations. This method holds
promise for providing a better assessment of past salinity
variability. However, this technique requires that material be
obtained from fundamentally different proxy archives, and
this pairing could introduce additional errors. Variability of
d18O is obtained through measuring zooplankton (forami-
nifera) calcite shells d18O, while dD must be obtained from
alkenones or other biomarkers. Alkenones are captured from
calcareous algae (coccoliths). But, there could be ecological
biases introduced by combining these two records; that is,
the seasonal bloom of the two species need not be the same.
Furthermore, the relatively small size of coccoliths com-
pared to foraminifera means that they are much more sus-
ceptible to transportation away from the “formation” site to
the site where they are deposited. Other confounding factors
include differences in dissolution and bioturbation at the
core site.
[43] Despite the complications of solely using d18Osw for

quantitative paleosalinity reconstructions, it remains a good
qualitative tool for estimating relative changes in past
salinity. Furthermore, constraining other signals captured in
d18Osw, such as interbasin exchange of water (e.g., over the
Isthmus of Panama), make this past climate proxy useful for
estimating changes in other parts of the hydrologic cycle.

6. Conclusion

[44] Variability in d18Osw tracks changes in the hydrologic
cycle. However, interpretations of this proxy as being solely
controlled by ocean salinity or changes in precipitation are
likely to be too simplistic.
[45] Here, we have shown that the simulated regional

spatial d18Osw to salinity slopes, which are usually similar to
decadal and interannual slopes, are not equal to the simulated
millennial slopes over the Holocene because the variability in
d18Osw and salinity has different causes at these time scales.
On longer time scales, mean alterations in atmospheric
pathways for water (changes to the hydrologic cycle) alter
d18Osw, causing its relationship to salinity to change. For
paleosalinity reconstructions, modern regional relationships
are not appropriate scaling factors for interpreting d18Osw as
salinity. Combining variability in both water isotopologues,
d18Osw and dD, may allow for a better estimation of paleo-
salinity variability.
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